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Abstract,

The algorithm for determining spectral UVA (320-400 nm) and UVB (290-

320 nm) flux in cloud-free conditions is discussed, including estimates of the various error
sources (uncertainties in ground reflectivity, ozone amount, ozone profile shape, surface
height, and aerosol attenuation). It is shown that the Brewer-measured spectral
dependence of UV flux can be accurately reproduced using just total column ozone
amount and the solar flux spectrum. The presence of aerosols tends to reduce the
logarithm of the absolute UV flux linearly with aerosol optical depth. Using Brewer
measurements of UV flux and aerosol optical depth on clear days at Toronto, the
estimated slope falls in the range 0.2 to 0.3 (aerosol single-scattering albedo about 0.95).
The Brewer measurements of UV flux can be reproduced using the aerosol model derived
within uncertainties of the instrument calibration. We have applied the algorithm to the
data collected by the total ozone mapping spectrometer (TOMS) instruments that have
been flown by NASA since November 1978. It was demonstrated that in the absence of
clouds and UV-absorbing aerosols, TOMS measurements of total column ozone and 380
nm (or 360 nm) radiances can be used in conjunction with a radiative transfer model to
provide estimates of surface spectral flux to accuracies comparable to that of typical
ground-based instruments. A newly developed technique using TOMS aerosol index data
also allows estimation of UV flux transmission by strongly absorbing aerosols. The results
indicate that over certain parts of the Earth, aerosols can reduce the UV flux at the
surface by more than 50%. Therefore the most important need for reducing errors in
TOMS-derived surface UVB spectra is to improve the understanding of UV aerosol

attenuation.

1. Introduction

The amount of ultraviolet radiation in the UVA (320-400
nm) and UVB (290-320 nm) spectral ranges that reach the
surface of the Earth is determined by Rayleigh scattering from
the molecular atmosphere, the absorption of ozone, scattering
by clouds, and both scattering and absorption by aerosols. For
the last two decades, global increases in UV fluxes from de-
creasing stratospheric ozone amounts caused by anthropogenic
chlorine releasing gases (mostly chlorofluorocarbons) have
been an issue of public concern. Changes in UV fluxes at the
Earth’s surface due to changes of atmospheric ozone content
[Stolarski et al., 1991, Herman and Larko, 1994] may strongly
affect human health as well as terrestrial and aquatic ecosys-
tems [Scientific Committee on Problems of the Environment
(SCOPE), 1992; Smith et al., 1992; SCOPE, 1993; United Na-
tions Environmental Programme (UNEP), 1994; Weiler and Pen-
hale, 1994; International Arctic Science Committee (IASC),
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1996]. According to the UNEP [1994] report, a 10% strato-
spheric ozone reduction will induce about one million new
cases of blindness due to cataracts. At the latitudes of middle
Europe (50°N) the change has been about 4-6% since 1979.
Increased UV radiation may also cause a reduction in crop
productivity, and it has been suggested that increased UV
fluxes may lead to an increase in the rate of nonmelanoma skin
cancer [Leffell and Brash, 1996].

Considerable efforts have been made to understand the
spectral UV climatology from ground-based measurements at
different locations [World Meteorological Organization (WMO),
1995]. However, the surface UV monitoring stations are
sparsely located and have been operating a short time and all
are on land. The ground-based measurements have been made
using a variety of instruments with varying calibration proto-
cols and stability [WMO, 1995]. On the other hand, UV flux
data derived from NASA’s TOMS (total ozone mapping spec-
trometer) satellite instrument are based on a single well-
calibrated instrument [Eck et al., 1995; Herman et al., 1996].
Because of long time record (since 1978) and global contigu-
ous spatial coverage the TOMS data are vital for estimating
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Figure 1. Total ozone mapping spectrometer (TOMS) stan-
dard ozone profiles. 325 Dobson units (DU) low-latitude pro-
file (solid line), 325 DU midlatitude profile (dotted line}), and
325 high-latitude profile (dashed line). The altitude of the
ozone maximum decreases at high latitudes.

trends in surface UV flux [Madronich, 1992; Lubin and Jensen,
1995; Herman et al., 1996]. Using total ozone and 380 nm
reflectivity measurements from the TOMS instrument aboard
the Nimbus 7 satellite, Herman et al. [1996] have estimated the
zonal average trends in surface UV flux between January 1979
and December 1992, without regard to possible effects of aero-
sols. Statistically significant increases in annual UV exposure
were found at latitudes above 40° in both hemispheres. For
example, at 55°N (United Kingdom, Scandinavia, Canada,
Russia) the annual average exposure has increased by 6.8, 8.1,
and 4.3% per decade for DNA, plant, and erythemal action
spectra, respectively. A new TOMS instrument launched on
NASA'’s Earth Probe satellite (first data on July 16, 1996) is
expected to continue ozone and surface UV measurements
through the end of the century when the last TOMS is sched-
uled for launch. Additional spaceborne ozone sensors are
planned by the United States and other countries well into the
next century.

Previous studies of surface UV flux using satellite data
[Frederick and Lubin, 1988; Madronich, 1992; Lubin et al., 1994;
Lubin and Jensen, 1995; Eck et al., 1995; Long et al., 1996;
Herman et al., 1996; Meerkoetter et al., 1997] were not focused
on the important effects of tropospheric aerosols. In regions
where substantial quantities of aerosols are present the surface
UV flux will be decreased. The largest decreases in UV fluxes
caused by aerosols occur during the summer dry seasons due to
smoke from biomass burning in South America and southern
Africa and desert dust blowing both east and west from the
Saharan region of Africa [Herman et al., 1997].

The purpose of this paper is to present an algorithm for
estimating the UV flux at the Earth’s surface in a cloud-free
atmosphere containing ozone and both absorbing (dust,
smoke) and nonabsorbing aerosols. We present a detailed de-
scription of the method for calculating the spectral UV flux
using TOMS measurements of total ozone and TOMS UV
radiances (340, 360, and 380 nm) [Eck et al., 1995; Herman et
al., 1996]. This is followed by discussion of the sensitivity of flux
to the geophysical parameters (ozone amount, profile shape,
tropospheric ozone, surface reflectivity, and surface altitude)
and to the aerosol optical parameters. Next, we validate the
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results from the radiative transfer model using ground-based
spectral measurements from the Brewer instruments at To-
ronto, Canada. Finally, we discuss the satellite estimation of
the surface flux for aerosol-free and aerosol-loaded atmo-
spheres. The detailed effect of clouds will be considered in a
future paper.

2. Radiative Transfer Model

Under a cloud- and aerosol-free atmosphere with a Lam-
bertian reflecting surface, the flux at the surface, F,,, can be
formally expressed as

Foear = [Fo/d®)(F g + Fs)/ (1 — R,Sy) ey

where F 4, and F 4 are direct and diffuse fluxes at the ground
for unit solar flux and zero surface reflectivity; d is the Sun-
Earth distance, and F, is the extraterrestrial solar flux at 1 AU.
The factor (1 — R,S,) ! accounts for the effect of surface
reflectivity, where R, is the surface reflectivity and S, is the
fraction of reflected radiation backscattered to the surface by
the atmosphere.

To calculate the various terms in (1), numerical solutions of
the radiative transfer equation were obtained in the UV spec-
tral region (290—400 nm) by the auxiliary equations method
[Dave, 1964], which accounts for all orders of scattering and
polarization effects. A spherical geometry correction is applied
to the direct component and primary scattered radiation
(pseudospherical correction), which allows accurate calcula-
tion of surface flux at solar zenith angles up to 85° [Anderson
and Lloyd, 1990]. Tables of solution for F ;,, F 4, and S, were
calculated for a set of 26 ozone and temperature profiles and
for selected values of solar zenith angle (6,) and terrain pres-
sure (P,). These were then used as look-up tables for calcu-
lations of F_.,.(1). The high spectral resolution (0.05 nm)
ozone absorption coefficients are based on the laboratory mea-
surements of Bass and Paur [1985], and the Rayleigh scattering
coefficients are based on the work by Bates [1984].

The ozone profiles are based on the Nimbus 7 solar back-
scatter ultraviolet (SBUV) instrument measurements above 15
km and on balloon ozonesonde measurements for lower alti-
tudes [McPeters et al., 1996; Wellemeyer et al., 1997]. Each
standard profile represents a multiyear average for a given
total ozone bin for all profiles within a latitude band. Profiles
have been constructed for three latitude bands: low latitude
(15°), midlatitude (45°), and high latitude (75°). These profiles
cover a range of 225-475 Dobson units (DU) for low latitudes
and 125-575 DU for middle and high latitudes, in steps of 50
DU (1 DU = 1 m atm cm or 2.687 X 10'® O; molecules/cm?
under standard temperature and pressure conditions). Figure 1
shows the standard 325 DU profiles for low-, middle-, and
high-latitude bands.

Sensitivity analysis has shown that the accuracy of radiative
transfer flux calculations together with the numerical interpo-
lation technique is better than 1%. Therefore the accuracy for
estimating F ., is limited by the uncertainty of the input
geophysical parameters: extraterrestrial solar flux F,, total col-
umn ozone amount (), the surface pressure, and reflectivity.
Other less sensitive but important parameters include ozone
vertical distribution, boundary layer ozone, and SO,. We ex-
amine the sensitivity of the flux to these parameters in the
following sections.
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2.1.

For this study we used the high spectral resolution
(FWHM ~ 0.2 nm, sampled approximately every 0.05 nm)
extraterrestrial solar flux data obtained from the Solar Stellar
Irradiance Comparison Experiment (SOLSTICE) [Rottman et
al., 1993] instrument on NASA’s Upper Atmospheric Re-
search Satellite (UARS). The two UARS UV solar spectrom-
eters (SOLSTICE and the Solar Ultraviolet Spectral Irradi-
ance Monitor (SUSIM) [Brueckner et al., 1993]) have made
daily irradiance measurements since October 1991, a period of
time including most of the decrease from the maximum of
solar cycle 22 to solar minimum. Daily UV solar spectral irra-
diance measurements were also made by the solar backscatter
ultraviolet/model 2 (SBUV/2) instrument onboard the NOAA
11 satellite between February 1989 and October 1994 [DeLand
and Cebula, 1997]. These three independent instruments have
shown that the variability of the solar flux (11 year and 27 day)
is less than 1% in the near-UV region (290-400 nm). The
variation of solar flux with Sun-Earth distance d (about +3.5%
during an annual cycle) is accounted for in (1).

The absolute accuracy of these measurements is maintained
through internal calibrations and data set intercomparisons
(among SOLSTICE, SUSIM, and SBUV/2 instruments). The
measurements by the two UARS instruments were compared
with the same-day measurements by three other solar instru-
ments (the solar spectrum (SOLSPEC), the shuttle solar back-
scatter ultraviolet (SSBUV), and the shuttle SUSIM instru-
ments) during the ATLAS 1 and ATLAS 2 space shuttle
missions in March 1992 and April 1993, respectively [Cebula et
al., 1996; Woods et al., 1996]. In the 290-400 nm region, at 5
nm spectral resolution, the difference between the various data
sets is less than 3% and is wavelength dependent. Cebula et
al. [1996] noted that at 1 nm resolution, small errors in wave-
length registration can lead to larger differences between in-
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Figure 2. High-resolution (FWHM =~ 0.2 nm, sampled ap-
proximately every 0.05 nm) extraterrestrial solar flux measured
by the satellite UARS SOLSTICE instrument (dotted line),
calculated atmospheric transmittance (dashed line), and the
absolute flux at the surface (solid line) for solar zenith angle
50°, total ozone 275 DU, and surface reflectivity 8%. The sharp
decrease of the atmospheric transmittance at short wave-
lengths results from the spectral features of ozone absorption.
The fine spectral structure of the surface flux results from the
solar absorption (Fraunhofer) lines.
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Figure 3. Percentage change in flux for 1 DU decrease in
total ozone as a function of wavelength. Total ozone 325 DU
and solar zenith angles of zero (solid lines), 50° (dashed lines),
and 70° (dashed-dotted lines). Surface reflectivity is 8%.

struments near the vicinity of strong solar absorption features.
This problem is exacerbated at higher spectral resolutions.

Figure 2 shows the SOLSTICE solar flux, calculated atmo-
spheric transmittance (F.,/Fg), and the absolute flux at the
ground (F.,,) at the biologically important wavelengths. The
transmittance is a smooth function of wavelength with a sharp
decrease at short wavelengths resulting from sharply increasing
ozone absorption. Therefore the fine spectral structure of the
absolute surface flux F,, results mostly from the solar ab-
sorption (Fraunhofer) lines. Using the higher spectral resolu-
tion solar spectrum in the model allows better agreement with
ground-based spectrometer measurements near the vicinity of
Fraunhofer lines [Labow et al., 1998].

2.2. Sensitivity to Total Ozone

Figure 3 shows the percentage increase in flux for a 1 DU
decrease in total column ozone. Typical errors of 5 DU in
measuring total ozone from satellite or ground-based instru-
ments translate into 1-3% error at 310 nm, increasing to 5-8%
at 300 nm, and 10-15% at 295 nm. Note that the ozone sen-
sitivity of the flux is a nonmonotonic function of solar zenith
angle at short wavelengths. This is due to the fact that when the
absorption of the high solar zenith angle direct solar beam
becomes very large, most photons reaching the surface are
those that have been scattered in the middle stratosphere
(20-25 km) and pass to the ground along the shortest vertical
path through the ozone layer. This phenomenon is known as
the Umkehr effect [Mareer, 1965]. UV flux measurements
made by Brewer spectrophotometers at seven Canadian and
Japanese stations confirm these model results [Fioletov et al.,
1997].

2.3. Effect of Stratospheric Ozone Profile on Surface
UV Flux

The surface flux is sensitive not only to column amount but
also, to a lesser extent, to the vertical distribution of ozone,
particularly at high solar zenith angles. The height of the max-
imum of the ozone vertical distribution is the most important
characteristic of the profile. This height is highly correlated
with tropopause height, on the average decreasing from 25 km
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Figure 4. Percentage change in flux when the 325 DU high-
latitude ozone profile replaces the 325 DU low-latitude ozone
profile. This simulation shows the situation when the altitude
of stratospheric ozone maximum decreases by about 10 km,
but the total column amount remains unchanged. The surface
flux decreases by 3-4% at solar zenith angles less than 50°. For
larger solar zenith angle the flux changes from -5 to +40%,
due to the Umkehr effect.

in tropics to about 15 km near the poles (see Figure 1). At a
given latitude, however, one can have large variability in the
ozone profile due to synoptic scale disturbances, which are also
associated with variation in the tropopause height. Most of
these variabilities are well captured by the total column ozone
measurement. The larger the total ozone amount the lower the
height of the tropopause and ozone density peak. The combi-
nation of latitude and total ozone amount can provide a good
estimate of the ozone vertical profile [Klenk et al., 1982, 1983].
Thus the look-up table, described earlier in this section, ac-
counts for a large part of the ozone profile variability one sees
in the atmosphere [Wellemeyer et al., 1997].

To obtain an upper limit for the errors in UVB flux from
ozone profile variability, we compare (Figure 4) the surface
UV flux computed from two extreme profiles: the low- and
high-latitude ozone profiles that contain exactly the same 325
DU of total ozone (Figure 1). One observes a 3—4% difference
in surface flux for solar zenith angles less than 50° and wave-
lengths longer than 295 nm. The dependence on ozone profile
shape becomes significant at 8, > 60°, where it ranges from —5
to +40% depending on the wavelength. This complex depen-
dence on the solar zenith angle and wavelength is again related
to the Umkehr effect. We note, however, that Figure 4 exag-
gerates the profile variability seen in practice. The variability of
ozone profiles within a latitude band are about one-quarter
those from low-latitude to high-latitude profiles or about 1% in
surface flux. We also found that variation of surface flux with
temperature profile variation is less than with ozone profile
variation.

2.4. Effect of Tropospheric Ozone Profile

To investigate the sensitivity of the flux to changes in tropo-
spheric ozone, we modified the standard 325 DU midlatitude
ozone profile (Figure 1) by moving 1 DU of ozone from a layer
at 16 to 32 mbar to a boundary layer (507-1013 mbar). (Similar
perturbations in the upper troposphere produced very little
effect and are not discussed). Response of this change is shown
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in Figure 5. These results show that for 6, < 50°, for a typical
5 DU rms variability in lower tropospheric ozone, the calcu-
lated surface flux would have 1o error of 2% at 300 nm and
0.5% at 310 nm, even if the total column ozone were to be
known perfectly. For a long-term increase in tropospheric
ozone, this reflects the well-known disproportional role of tro-
pospheric ozone in blocking solar UV radiation [Bruhl and
Crutzen, 1989]. At small 6,, a given amount of tropospheric
ozone absorbs UV radiation more strongly than the same
amount of stratospheric ozone because of the longer optical
path associated with increased tropospheric multiple scatter-
ing. However, at 6, > 70°, the stratospheric absorption is more
efficient than in the troposphere because most scattering oc-
curs in the stratosphere.

2.5. Surface Reflectivity Effect

Figure 6 shows the percentage change in flux due to increase
in surface reflectivity R, by 0.01. The bottom curves represent
conditions for the Earth’s surface not covered by ice or snow,
when R, typically vary between 0.01-0.04 (over land) and
0.05-0.08 (over water) [Eck et al., 1987; Herman and Celarier,
1997]. These climatological Lambertian equivalent surface re-
flectivities (LER) derived from the Nimbus 7/TOMS measure-
ments (1978-1993) are in reasonable agreement with direct
ground-based measurements of UV albedo [Blumthaler and
Ambach, 1988; Diffey et al., 1995; Feister and Grewe, 1995;
McKenzie et al., 1996] (see also a survey by Madronich [1993]).
Assuming Lambertian surface, the factor (1 — R,S,)”! ac-
counts for the albedo effect on flux (1), where S, is the fraction
of reflected radiation backscattered to the surface by the at-
mosphere. For low R the percentage change in flux is directly
proportional to S,(A). The spectral dependence of S,,(A) has
a maximum of about 0.4 around 320 nm, with a decrease
longward of the maximum (due to decreasing of Rayleigh
optical thickness of the atmosphere), and a sharp decrease
shortward (due to the spectral enhancement of absorption by
tropospheric ozone). This explains the spectral dependence of
the albedo effect. For a Lambertian surface, the effect does not
depend on solar angle and only weakly depends on total ozone
(Figure 6). For snow-free conditions, when the typical uncer-
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Figure 5. Percentage change in flux due to 1 DU ozone re-
distribution from Umkehr layer 5 (22.4-25.8 km) to the
boundary layer (Umkehr layer 0: 0-5 km). The 325 DU mid-
latitude standard ozone profile and assumed surface reflectiv-
ity of 8%.
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tainty in R is about 0.02, the maximum error in surface flux
(around 320 nm) is less than 1%.

Snow on the ground is the strongest factor that affects the
surface albedo and the flux at the ground. The UV albedo of
snow varies between 0.2 and more than 0.95 [Blumthaler and
Ambach, 1988; Madronich, 1993; Feister and Grewe, 1995]. The
highest values of UV albedo (R, ~ 0.96-0.98) were mea-
sured for Antarctic snow [Grenfell et al., 1994], which were also
spectrally flat (within 1% from 300 nm up to 400 nm). The
top curve in Figure 6 represents the effect of Lambertian
homogeneous fresh snow surface with R, = 0.95, which is
typical for Antarctic or Greenland terrain. Over permanent
snow cover (Antarctic, Greenland) the albedo is stable (rms <
5%). The major problems in satellite retrievals remain with the
accurate characterization of the angular anisotropy in the dis-
tribution of radiation reflected from the snow (G. Jaross, pri-
vate communication, 1997) and discrimination between snow
and clouds [Lubin et al., 1994].

At middle latitudes the flux changes under snow/ice condi-
tions differ at different locations because of the variability in
snow/ice albedo and/or horizontal inhomogeneity of the ter-
rain. To quantify this variability, all Canadian Brewer obser-
vations taken under clear sky conditions have been divided into
two groups: with and without snow cover. It was shown that
snow enhances flux at 324 nm by ~39% at Churchill, ~21% at
Edmonton, and ~12% at Toronto [Fioletov and Evans, 1997].
These values imply spatially average snow albedos of about
90% (Churchill), 50% (Edmonton), and 30%-40% (Toronto)
(Figure 6). Both Edmonton and Churchill are located at rural
sites, so the difference is not due to urban influences and is
likely due to differences in terrain (flatness, trees). Similar
results were obtained by Chubarova et al. [1997] using UV flux
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Figure 6. Percentage increase in flux for 0.01 increase in
surface albedo R,. The bottom curves represent the snow-free
conditions (R; < 0.1). For Lambertian surface the albedo
effect does not depend on solar zenith angle and only slightly
on total ozone. The top curves represent the clear sky condi-
tions over homogeneous permanent snow cover (Antarctica,
Greenland: R, = 0.95). The percentage change in flux is
proportional to the fraction of reflected radiation backscat-
tered to the surface by the atmosphere. The oscillations are
due to the band structure in ozone absorption around 320 nm.
If the rms variability of R, is known, the figure can be used to
estimate the flux variability over homogeneous surfaces for
cloud- and aerosol-free conditions.
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Figure 7. Surface pressure effect. The increase in surface
flux due to both decrease in total column ozone, and Rayleigh
optical depth (pressure) with altitude is shown by the dashed
line for solar zenith angle 50°. The solid line shows only the
effect of Rayleigh attenuation and represents the lower limit
for the real atmosphere. The percentage flux change is linear
with the pressure difference between two levels, and the slope
can be estimated from the bottom curve at different wave-
lengths.

data from the National Science Foundation spectroradiometer
at Barrow, Alaska. They have shown more than 50% flux
enhancement by snow in the 320-335 nm spectral range. This
value implies even greater snow albedo (R, > 95%). In
addition to the site-to-site variability, the albedo at individual
sites can vary by about 5-10% depending on the age and depth
of snow. If the rms variability of R is known, the results from
Figure 6 can be used to estimate the corresponding UV flux
variability for cloud- and aerosol-free conditions. The presence
of clouds enhances the UV flux over that produced by snow
under clear sky conditions because of the multiple reflections
between the bottom of the cloud and the surface.

2.6. Surface Pressure Effect

Figure 7 shows the effect of surface altitude on UV flux. The
increase in surface flux is due to both the decrease in total
column ozone and in Rayleigh attenuation with altitude. Since
the total ozone column above the surface is typically known
when one estimates the UV flux, we consider only the second
component, shown by the solid line. The decrease in Rayleigh
attenuation with altitude causes the direct flux to increase and
diffuse flux to decrease. The global flux (direct plus diffuse)
increases with altitude. The logarithm of the flux changes ap-
proximately linearly with surface pressure. Therefore the per-
centage change in flux between any two levels in the atmo-
sphere is proportional to the pressure differences between
these levels. Figure 7 shows the proportionality coefficient as a
function of wavelength (solid line). In a cloud- and acrosol-free
atmosphere the flux at 300 nm increases by about 10% per
each 100 mbar pressure decrease (5% at 330 nm). This is the
lower limit for the real atmosphere. The flux increases even
more if boundary layer aerosol or albedo changes are taken
into account [Blumthaler et al., 1994].
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2.7. Effect of Aerosols on Surface UV Flux

We shall describe the aerosol effect on global (direct plus
diffuse) UV flux by an aerosol attenuation factor (7), defined
as follows:

Faer = Fclear(]- - 7’) (2)

where F, . and F ., are fluxes for aerosol-loaded and aerosol-
free atmospheres. In a study by Kerr [1997], variations in UV
flux measured on clear days at Toronto with a Brewer instru-
ment 14 were compared with aerosol optical depth (1,) mea-
surements made with the same instrument. The analysis found
that the dependence of 7 on 7, can be fitted to the expression

n =1 - exp(—k7,) 3)

where k falls in the range 0.2 to 0.3. We use radiative transfer
calculations to examine (3) for different acrosol models (Table
1) embedded in a Rayleigh atmosphere with ozone. For each
aerosol model, the values of F . (A) and k were calculated and
validated over a wide range of observational conditions using
different radiative transfer codes (DISORT code of Stamnes et
al. [1988]), modified versions of the Vector Program D (VPD)
code [Dave, 1978], and the Gauss-Seidel code [Herman and
Browing, 1965]). Calculations using the properties of nonab-
sorbing aerosols (anthropogenic sulfate, maritime) show that
they have small effects on the UV flux (k < 0.15). This can
be explained by the fact that the decrease in direct solar flux
caused by aerosol extinction is approximately compensated by
an increase in diffuse sky flux caused by aerosol scattering. For
UV-absorbing aerosols (dust, smoke, and urban) the increase

Table 1. Description of Tropospheric Aerosol Models
Used in This Study

k (325),
Model Reference w (325) SZA =30°

Sulfate [Shaw, 1979; Beyer et al., 1996] 1 0.1
Maritime [WMO, 1986] 0.98 0.15
Toronto [Kerr, 1997) 0.95 0.2
Continental [WMO, 1986] 0.9 0.3
Dust 1 [Patterson et al., 1977, 0.82 0.4

d’Almeida, 1987}
Urban [WMO, 1986] 0.66 0.5
Dust 2 [Patterson et al., 1977; Schiitz, 0.6 0.63

1980]

SZA, solar zenith angle. The sulfate model is representative of the
nonabsorbing tropospheric aerosols of anthropogenic origin [Shaw,
1979]. The refractive index is prescribed on the basis of laboratory
measurements at UV wavelengths [Beyer et al., 1996]. Dust models are
based on the UV refractive index measurements of Saharan aerosols
by Patterson et al. [1977]: Dust 1 is representative of the nucleation
mode [d'Almeida, 1987], and Dust 2 is representative of larger dust
particles [Schiitz, 1980]. The Toronto aerosol model was developed to
fit the measurements of Kerr [1997] (see section 3.2). The WMO [1986]
models (maritime, continental, and urban/industrial) are given for
reference. No data are available on the UVB refractive index for
carbonaceous aerosols representative of South American or African
biomass burning smoke. However, away from the source regions and
for the 340-380 nm spectral range, the optical properties of weakly
absorbing smoke were shown to be similar to the optical properties of
the background dust model (Dust 1 model is similar to D1 model of
Torres et al. [1998]). The aerosol optical parameters (single-scattering
albedo w, extinction coefficient, phase matrix) were calculated assum-
ing the particles are spherical. The values of flux sensitivity to aerosol
optical depth k = — 9 In(F,.,)/91, at 325 nm are given for solar zenith
angle 30° and unit aerosol optical depth: £(325) = 0.1 + 2(1 — w)
- 2(1 - w)* £ 0.04.

KROTKOV ET AL.: SATELLITE ESTIMATION OF SURFACE UV IRRADIANCE

1.0 e Aaaa
SULFATE
w=1.0 J
E i
c
n
o
" -
k]
u“' DUST 1
~ =
01 _ sza=30° w=08 4
g C . ]
w oL S2A=50° “w, ]
L ... sza=70° RN DUST 2 |
L *.'»  w=0.6
o
||||||||| | TN TEETE N PR PR RS ST RN R | 1
0 1 2 3 4 5 6

Aeroso! optical depth at 325nm

Figure 8. Total transmittance of aerosol loaded atmosphere
with respect to the aerosol-free atmosphere (F,./F...) as a
function of aerosol optical depth at 325 nm. The presence of
aerosols tends to reduce the logarithm of the flux linearly with
aerosol optical depth. The slope, k = —¢ In (F,.)/07,,
increases with aerosol absorption (single-scattering coalbedo:
1 — w) and solar zenith angle.

in the diffuse flux is decreased by aerosol absorption. The
effect on global flux is therefore mainly controlled by the
aerosol absorption to extinction ratio determined by the single-
scattering coalbedo 1 — . For tropospheric models presented
in Table 1 the dependence of k on (1 — ) can be fitted to the
expression k = 0.1 + 2(1 — w) — 2(1 — w)* = 0.04 (at §, = 30°
and A = 325 nm).

To test parameterization (3), the values of F . were calcu-
lated for a range of 7, and solar zenith angles 6,. Figure 8
shows the model dependencies of In (F_,/F e..) = In (1 — 7)
on 7, at 325 nm for different 6, and aerosol models. The
presence of aerosols tends to reduce the logarithm of the UV
flux linearly with aerosol optical depth. The slope £k = -4
In(F,.,)/d7, increases with aerosol absorption (1 — w) and
solar zenith angle. The dependence is quantified in Table 2
where average k values are given with intervals of variation.
We note that for absorbing aerosols and 6, > 50°, k increases
for small 7,. The value of k =~ 0.2 at 325 nm and 6, = 50° was
estimated based on the Brewer 14 measurements of UV flux
and aerosol optical depth on clear days at Toronto [Kerr, 1997].
This value implies a prevailing aerosol single-scattering albedo
of about 0.95.

Figure 9 shows the spectral dependence of the aerosol at-
tenuation factor n(A) for aerosol models described in Table 1
and unit optical depth at 325 nm. For strongly absorbing aero-

Table 2. Values of Flux Sensitivity to Aerosol Optical
Depth k = —9 In(F,.,)/97, at 325 nm for Different
Solar Zenith Angles and Aerosol Models

Solar Zenith Angle
Aerosol
Model 6, = 0° 6, = 30° 6, = 50° 6, = 70°
Sulfate  0.082 £0.002 0.095+0.005 0.12*0.02 0.14 +0.03
Dust 1 0.34 +0.02 041001 048=0.03 0.54=0.08
Dust 2 0.55 £ 0.04 062004 076007 0902

Larger values of k correspond to small aerosol optical depths: 7, < 1.
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Figure 9. Spectral dependence of the aerosol attenuation
factor n(A) = 1 — F__(A)/F g4ear(M) for clear atmosphere
with embedded aerosols (aerosol models are described in Ta-
ble 1). Solar zenith angle is 50°, surface albedo 5%, and unit
optical depth at 325 nm for all models. The aerosol attenuation
is spectrally flat for weakly absorbing aerosols (w > 0.9).

sols (dust, urban), n increases at short wavelengths because of
the typical increase in the imaginary part of the refractive index
at short UVB wavelengths [Patterson et al., 1977] (see also
survey by Sokolik et al. [1993]). However, for more widespread
weakly absorbing aerosols (o > 0.9) the wavelength depen-
dence of n(A) is small in the 300—400 nm region.The spectral
gradient of aerosol attenuation can therefore be inferred from
the measurements in the UVA spectral region where the ozone
effect is negligible (Figure 3). To do so, it is important to have
spectral flux measurements at longer UVA wavelengths [Mayer
et al., 1997]. Understanding the behavior of 1 could also be
achieved relatively inexpensively by deploying many broad-
band UVA instruments at different sites around the world.

3. Comparisons With Ground Data Sets

The sensitivity study conducted in the previous section gives
a theoretical estimate of the model errors for simplified atmo-
spheric conditions. Comparisons with the ground-based UV
flux measurements are necessary to characterize the model
uncertainties for the real atmosphere. For the model compar-
ison with the measurements, adaptation of the model to the
particular instrument is necessary, including correction for the
difference between the spectral bandwidths of model and mea-
surement (see the discussion by Mayer et al. [1997]). This cor-
rection can be achieved when the high spectral resolution
mode] flux is degraded using the instrument’s slit function.
Although the slit function for a particular instrument may be
more or less well characterized, the wavelength registration
may not be known perfectly. This is the main problem in
intercomparisons of low spectral resolution flux measurements
with the model results.

Figure 10 shows the flux sensitivity to wavelength shift of 0.1
nm at different spectral resolutions simulating measurements
taken with spectroradiometers (=~0.5 nm for Brewer instru-
ment) to filter instruments (=5 nm). At high spectral resolu-
tion, errors of 5-10% are possible near the solar Fraunhofer
lines throughout the entire UV spectral region. Although at
low spectral resolution the effect of Fraunhofer lines averages
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Figure 10. Percentage change in flux for 0.1 nm shift in
wavelength at different spectral resolutions simulating the
measurements taken with spectroradiometers (Brewer instru-
ment ~0.5 nm) to filter instruments (~5 nm). At high spectral
resolution the errors of 5-10% are possible near the solar
Fraunhofer lines throughout the entire UV spectral region. At
low resolution the flux is still sensitive to wavelength shift in
UVB region, because of the sharp increase in ozone absorption.

out, F ., Temains very sensitive to small wavelength errors,
ranging from 2% at 310 nm to 8% at 295 nm. Measurements
over a near-erythemal action-spectrum weighted flux (e.g.,
Robertson-Berger meters) have an uncertainty of 2.5% for 0.1
nm error in wavelength. Since it is very difficult to calibrate low
spectral resolution radiometers to an accuracy of 0.1 nm, or to
maintain them to such relative accuracy over long periods,
wavelength uncertainties are one of the chief sources of error
in using these broadband radiometers for comparisons with the
model.

3.1. Comparisons of Flux Ratios With Brewer Measurements
for Cloud-Free Conditions

The results of our model calculations of surface flux were
compared with double monochromator Brewer spectropho-
tometer UVB flux spectral observations (see Figure 11). The
comparisons were done under conditions without snow or ice.
The spectra were measured at Toronto in 1995 and 1996 by
Brewer instrument 21. Since the predicted wavelength depen-
dence of aerosol and surface reflectivity effects is small in the
300-325 nm region, the wavelength dependence of UVB flux is
almost entirely due to the wavelength dependence of clear sky
flux.

To study the spectral dependence of UVB flux, ratios were
calculated between the UV flux at each wavelength in the
range 290-325 nm and the UV at 324 nm for both the Brewer
measurements and the model data sets (hereinafter referred to
as “normalized spectra”). To minimize cloud effects, only days
with at least 80% clear sky flux were used. Practically, it means
the ground-observing conditions were mostly clear sky, some
broken clouds with bright Sun, or very thin (cirrus) clouds.
Then, data were filtered by total ozone. Only the days with the
measured daily mean total ozone between 280 and 320 DU
were sclected for comparison. These ozone values are typical
for northern midlatitudes in summer. Total ozone was mea-
sured by a direct Sun technique using a different Brewer in-
strument (14).
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Figure 11.

Brewer measurements versus clear sky model comparisons of the normalized total flux ratio:

F_ = F,/F;,,. Both Brewer and model data were smoothed over 1.5 nm. The mean percentage differences,

n
(F 7 Brewer
of the mean difference for smoothed data.

Next, the Brewer data were binned into 5° intervals of solar
zenith angle. The average total ozone was calculated for each
bin. It was found that for zenith angles between 20° and 30° the
measurements were taken on days whose mean total ozone was
approximately 307 DU. For all other zenith angle intervals the
average of the measured total ozone values was close to 300
DU. The model spectra were calculated for the average total
ozone amount for each solar angle bin, cloud- and aerosol-free
conditions, and 5% surface reflectivity for solar zenith angles
from 20° to 85° with 1° increment. The model data were de-
graded using an idealized Brewer instrument triangular slit
function with 0.5 nm half-band width, which could result in
some differences between the model and the measurements at
certain wavelengths near strong solar Fraunhofer lines (Figure
10). To reduce the Fraunhofer line effect, both measured and
modeled spectra were smoothed using a 1.5 nm rectangular
filter.

Each measured normalized spectrum was matched to the
degraded modeled spectrum for the nearest solar zenith angle.
At each wavelength the percentage difference between the
measured and the modeled normalized spectra was calculated.
The differences were grouped into 5° intervals of solar zenith
angle to calculate means and standard deviations.

Results of the comparison are shown in Figure 11 for solar

= F, modet)/F + moder» are shown with stars. The error bars show +20, where o is the standard error

zenith angle bins of 25°-30° (62 data points), 45°-50° (96 data
points), and 65°-70° (136 points). In the range 300-325 nm for
6, = 20°-50° and for ozone values around 300 DU (280-320
DU) the mean difference between the model and the mea-
sured normalized fluxes is within 5%. For shorter wavelengths
the difference is larger, especially for 6, > 60°. More detailed
comparisons with other Canadian Brewer instruments yield
similar results [Labow et al., 1998]. The agreement between
calculated and measured normalized spectra means that given
the measured flux at one UVA wavelength (324 nm) and total
ozone (from TOMS or the Brewer instrument), the UVB spec-
tral flux can be accurately estimated to within 5% for the range
300-325 nm.

3.2, Comparisons of UV Fluxes (323-325 nm)
With Brewer Measurements

The comparisons of absolute fluxes is a more difficult task.
Simulated Brewer spectra (290-325 nm at 0.5 nm increments)
were generated by the forward radiative transfer model (sec-
tion 2) for each Brewer 14 measurement taken at Toronte,
Canada, from January 1989 to May 1993. Of the approximately
12,900 measurements taken during this period, nearly 4400
were made on 456 days when the satellite (TOMS) reflectivi-
ties were below 17%. To discriminate between partial cloud
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cover and high aerosol contaminated days, direct observations
of cloud cover are necessary. Special care has been taken to
select only clear sky days from all Brewer measurements based
on the meteorological reports from Toronto airport (T. Eck,
private communication, 1997). In addition, the comparisons
were done under conditions without snow and ice. Only about
30 clear days were selected for this initial comparison of the
absolute fluxes (the same data set used in the Kerr [1997]
analysis), and only one near-noon UV spectrum was taken for
each of these days. The averaged spectrally integrated UV flux
from 323 nm to 325 nm was compared for both measured and
calculated data sets. It is important to note that this averaging
reduces the error in the model calculations if the values of the
Brewer slit widths are not known precisely. If the ozone value
is slightly in error, only a small bias will be introduced into the
calculated average since the longer wavelength end of the
spectrum is least affected by errors in the total column ozone
amount.

The aerosol correction was applied to the model clear sky
flux on the basis of the Brewer-measured aerosol optical
depths at 315 nm and three different acrosol models (Table 1).
The percent difference between the model and the measure-
ments is shown in Figure 12 as a function of aerosol optical
depth. One can see progressively better results as aerosol ab-
sorption decreases (w gets larger). The Toronto aerosol model
results with w = 0.95 (or £ = 0.2 at 325 nm as measured by
Kerr [1997] for Toronto) show little dependence on aerosol
optical depth but are on average ~8% higher than measured
values. This difference cannot be explained by any other rea-
sonable aerosol model with different w, especially at low op-
tical depths (7, < 0.3). A likely cause for the 8% bias be-
tween the model and the observations is the known difference
between the angular response of the Brewer instrument and
the ideal cosine response. An ideal instrument would respond
to radiation in proportion to the cosine of the angle between
the vertical and the direction of incidence. In practice, most
instruments do not follow a true cosine response [Mayer et al.,
1997). The measured angular response of Brewer instrument
14 is less than the cosine curve, and therefore the irradiance
measured by the instrument is less than that falling on a hor-
izontal surface and a positive correction is required. It is esti-
mated that the correction required for Brewer 14 is about
+6% *2% depending on the angular distribution of the inci-
dent radiation. After the correction an average systematic dif-
ference between measurement and model becomes less than
4%. This is comparable to the uncertainty of extraterrestrial
solar flux data and variability seen from Brewer absolute cal-
ibrations [Kerr, 1997]. Similar results were obtained in other
comparisons between the modeling results and the best
ground-based observations in the 300 to 330 nm spectral range
[Mayer et al., 1997; Weihs and Webb, 1997, and references
therein]. We show the model comparisons with different
Brewer instruments under a wide variety of conditions in a
separate paper [Labow et al., 1998].

4. Satellite Estimation of Surface UV Flux

We now apply the surface UV estimation technique devel-
oped in section 2 to the data collected by the total ozone
mapping spectrometer (TOMS) instruments that have been
flown by NASA since November 1978 [Eck et al., 1995; Herman
et al., 1996]. This 17 year data record (with gaps in 95-96) is the
only satellite ozone and radiance data set of its kind. The
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Figure 12. Brewer/model comparisons of the UVA absolute
flux: (Model-Brewer)/Brewer, %. The flux is averaged over
323-325 nm spectral range. Model data include the aerosol
attenuation factor calculated on the basis of the Brewer-
measured aerosol optical depth (315 nm) and three different
aerosol models: Toronto (diamonds, w = 0.95), WMO conti-
nental (stars, w = 0.90), and WMO urban (circles, @ = 0.66)
(see Figure 9 and Table 1). The Toronto aerosol model results
with w = 0.95 (or £ = 0.2 as measured by Kerr [1997]) shows
a little dependence on 7, but are ~8% higher on average than
the measured values. This can be explained by the known
difference between the angular response of the Brewer instru-
ment and the cosine response (the Brewer data should be
increased by 6% * 2% depending on the angular distribution of
the incident radiation).

long-term accuracy in measuring total column ozone from this
instrument series has been estimated to be ~1%/decade [Wel-
lemeyer et al., 1996, 1997].

Estimation of surface UV flux from TOMS has three com-
ponents.

1. Surface fluxes expected in aerosol-/cloud-free conditions
are estimated using (1) with TOMS-measured total ozone, a
climatological database of UV surface reflectivity [Herman and
Celarier, 1997], terrain height database [Wieser, 1987], and ex-
traterrestrial solar flux obtained from UARS/SOLSTICE in-
strument (as described in section 2.1) shifted to air wave-
lengths.

2. The flux is adjusted for thin cloud or nonabsorbing aero-
sol effects using the radiances measured by TOMS at a nono-
zone-absorbing wavelength band (340, 360, or 380 nm) and
TOMS climatology of the true surface reflectivity at these
wavelengths [Herman and Celarier, 1997).

3. We make preliminary estimates of the effects of UV-
absorbing aerosols on surface UV, using a recently developed
TOMS residue or aerosol index (AI) [Herman et al., 1997,
Torres et al., 1997].

4.1. Cloud-/Aerosol-Free Case

Table 3 provides a summary of errors in the estimation of
surface flux at 310 nm from TOMS at different solar zenith
angles for cloud- and aerosol-free conditions based on radia-
tive transfer calculations.

We note the following: (1) Numbers in parentheses apply to
snow/ice conditions for horizontally homogeneous surfaces
with high surface albedo, R, > 0.9 (Antarctic, Greenland).
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Table 3. TOMS Errors in Estimated Surface Flux at 310 nm for Cloud- and Aerosol-Free Conditions

Error Source SZA = (° SZA = 50° SZA = 70° SZA = 86°
Total ozone, 2% rms 1.3% 2% 3% <3% (Umkehr)
Surface reflectivity snow-/ice-free, 1% rms 0.4% (3%) 0.4% (3%) 0.4% (3%) 0.5% (3%)
(*snow/ice, 5% rms)
Stratospheric profile (1/4 of high-low difference) 0.5% 0.7% 0.3% >30% (Umkehr effect)
Tropospheric profile (5 DU rms) 0.5% 0.5% 0.2% 0.2%
Total rms 2% (3.6%) 2.8% (4%) 3.7% (4.7%) >30%

The table concerns only cloud- and aerosol-free cases and gives lower limits of the uncertainties for horizontally homogeneous scenes over
TOMS footprint (50 km X 50 km at nadir for Nimbus 7/TOMS instrument). The effects of subpixel variability within TOMS footprint are not

considered.

*The number refers to the permanent snow cover (Antarctica, Greenland) corrected for the non-Lambertian snow reflectance.

Over continents, a more realistic rms for snow/ice albedo
would be at least 10-15%. (2) Errors do not include a =3%
uncertainty in absolute flux attributable to extra-terrestrial so-
lar flux. (3) The uncertainty in long-term trend is 1%/decade
[Herman et al., 1996], caused primarily by total ozone uncer-
tainties. (4) The flux at 310 nm has roughly the same ozone
response as the erythema-weighted flux. Uncertainties in spec-
tral flux at other wavelengths for 6, < 50° can be approximately
scaled relative to 310 nm by using the following factors: 2 (305
nm), 4 (300 nm), 6 (295 nm). For 6, > 50°, the uncertainties in
spectral flux cannot be scaled because of the Umkehr effect.
(5) The tropospheric ozone variation produces two types of
errors in estimation of UVB flux from TOMS. The error listed
under “tropospheric profile” was discussed in section 2.4 of
this paper. An additional error discussed by Klenk et al. [1982]
affects the retrieval of TOMS total ozone. This error is in-
cluded in the 2% uncertainty of TOMS total ozone. (6) Under
polluted conditions, errors can result from the presence of SO,
[Bais et al., 1993; Fioletov and Evans, 1997]. These errors are of
roughly the same magnitude as errors due to tropospheric
ozone (rms variation in SO, is between 1 and 2 DU, but SO,
is 2-3 times more absorbing than ozone in UVB).

4.2, Nonabsorbing Aerosol Effect

Detailed radiative transfer calculations show that the trans-
mission of UV flux through nonabsorbing aerosols and clouds
can be predicted accurately using backscattered radiances
measured at nonozone-absorbing UVA wavelengths (TOMS
wavelengths at 360 or 380 nm are used for this purpose). Since
the cloud transmission function is more complicated than that
for nonabsorbing aerosols, we will deal with cloud transmission
in a following paper. Here we limit our discussions to nonab-
sorbing aerosol transmission.

One of the simplest ways of estimating the surface flux
attenuation (n) in the presence of nonabsorbing aerosols is to
compute from TOMS radiances a quantity that has been re-
ferred to in the TOMS literature as Lambert-equivalent reflec-
tivity (LER). The concept of LER was developed by Dave
[1978] (see also Klenk et al. [1982], Bhartia et al. [1993], Eck et
al. [1995], Herman et al. [1996, 1997, and Torres et al. [1997]),
who showed that the contribution of nonabsorbing aerosols to
the backscattered radiances can be modeled accurately using
this concept. The LER is derived by assuming that the effect of
acrosols (and clouds) on the backscattered radiances in UV is
similar to that of a Lambertian reflecting surface with en-
hanced albedo, the enhancement (over the background) being
proportional to the amount of Mie scatterers (clouds plus
aerosols) present. Under cloud-free conditions the operational
TOMS algorithm derives LER by solving the following equa-

tion at 380 nm (or 360 nm) for the radiation reaching the
instrument:

1(9, 00, P, PS’ R)
= 10(67 00, ®, Ps) + RT(G’ 60’ P.\‘)/[l - Rsb] (4)

where R is the estimated value of LER, P, is the surface
pressure, I, is the radiation reaching the instrument from a
pure Rayleigh atmosphere with zero surface reflectivity, RT is
the amount of radiation reflected by the surface that reaches the
satellite, and [1 — RS,]™ ' accounts for the multiple reflec-
tions from the surface. For the wavelengths of interest, 1, S,
and T are estimated assuming a purely Rayleigh atmosphere
with no gaseous absorption and no Mie scattering. (A small
correction is made for rotational-Raman scattering, using the
procedure described by Joiner et al. [1995]).

In the presence of nonabsorbing aerosols, R becomes
greater than R, the true surface reflectivity. The UV flux
attenuation (spectrally flat) can be estimated from the follow-
ing equation [Eck et al., 1995; Herman et al., 1996; Krotkov et
al., 1997]:

n=0.5(R — R,)/(0.5 — R,) )

where R, is based on minimum R values measured by Nimbus
7/TOMS [Eck et al., 1995; Herman and Celarier, 1997]. Equa-
tion (5) accounts for a decrease in the Earth surface contribu-
tion to total scene reflectance as aerosol optical depth in-
creases [Eck et al., 1995]. Figure 13 shows that for
nonabsorbing aerosols and R, = 0.05, the relationship be-
tween 7 and (R — 0.05)/0.9 is linear with slope close to unity.
Similar calculations at different measurement geometries in-
dicate that (5) can be used to estimate n to about 10-20%
accuracy for snow- and cloud-free conditions. For typical val-
ues of n = 0.05 (see Figure 8 for 7, < 0.5), this amounts to
less than 1% error in estimating surface flux at all UV wave-
lengths.

An additional error occurs due to error in the assumed
climatological surface reflectivity [Herman and Celarier, 1997).
For example, if the real albedo of the surface is 0.06 and the
TOMS algorithm uses the climatological value of R, = 0.05,
the true surface flux will be enhanced by 0.4% (Table 3) com-
pared to the TOMS estimated clear sky flux (1). Both TOMS
360 and 380 nm reflectivity measurements are also enhanced
by ~0.01, which is attributed to the presence of aerosols. The
aerosol adjustment will reduce the estimated flux by n ~ (R —
0.05)/0.9 = 0.01, instead of increasing it by 0.4%. Therefore
the overall flux error for a 1% rms error in surface reflectivity
is ~1.4%. Figure 12 shows an rms scatter of ~5% about the
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Figure 13. Aerosol attenuation factor n(A) = 1 — F,_(A)/
F c.(A) at 325 nm for nonabsorbing (triangles) and absorbing
(diamonds) acrosols as a function of the TOMS Lambert-
equivalent reflectivity, (R — 0.05)/0.9 (the true surface re-
flectivity R, = 0.05). Solar zenith angle is 50°, satellite zenith
angle 32°, and azimuth 90°.

mean bias of 8%. The 5% rms scatter is an indication of the
precision for the cloud-free, snow/ice-free TOMS estimate of
the absolute surface flux near 324 nm in the presence of weakly
absorbing aerosols.

Larger errors occur when aerosol is present over a snow/ice
surface, where R = R, with or without nonabsorbing aerosols.
Thus TOMS loses the ability to detect such aerosols and,
consequently, can give an incorrect estimate of the surface flux.
The snow/ice errors are the subject of a separate study. Larger
errors also occur when the underlying surface is highly non-
Lambertian, for example, affected by the sea glint. Under these
conditions the method would falsely identify the enhanced
value of R due to sea glint as aerosols, significantly underesti-
mating the flux. In the operational TOMS algorithm these
scenes are identified by the measurement geometry and a land/
sea mask and deleted from processing.

4.3. Absorbing Aerosol Effect

Ground-based and satellite measurements in many locations
indicate the presence of continental dust and carbonaceous
aerosols [Herman et al., 1997] that have significant UV absorp-
tion (Figures 8, 9). The LER method described above fails
under these conditions for several reasons. First, the slope of 7
dependence on LER (d7/dx, x = 0.5(R — R,)/(0.5 — R,))
becomes greater than unity even for weakly absorbing aerosols
(Figure 13). This causes acrosol optical thickness to be under-
estimated with respect to the nonabsorbing aerosol and surface
flux to be overestimated. Second, Saharan dust aerosols tend
to decrease the LER values with respect to the true surface
reflectivity: R — R, < 0 [Herman and Celarier, 1997]. This
causes negative values of 7 if the nonabsorbing aerosol model
is used (5). Finally, Figures 8, 9, and 13 show that the surface
flux is reduced by significantly enhanced attenuation of radia-
tion passing through absorbing aerosols. The LER method
cannot capture this effect.

Recently, a technique has been developed to detect absorb-
ing aerosols [Herman et al., 1997; Torres et al., 1997], using
TOMS measurements at two wavelengths (340 and 380 nm on
Nimbus 7/TOMS instrument (1978-1993), 331 and 360 nm on
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Earth Probe (EP) TOMS instrument (July 1996 to present))
where ozone absorption is weak. This unique method takes
advantage of the fact that the strong Rayleigh molecular scat-
tering in UV interacts with absorbing aerosols in such a man-
ner as to allow the derivation of both optical depths and single-
scattering albedos if there is no clouds and the altitude of
aerosol is known [Torres et al., 1997]. In addition, the method
allows to detect nonabsorbing aerosols with effective radius
close to 0.1 um.

By monitoring the spectral slope and magnitude of the back-
scattered radiance changes, the operational TOMS algorithm
estimates a quantity called UV-absorbing aerosol index (AI)
[Hsu et al., 1996; Herman et al., 1997; Torres et al., 1997)]. As
described by Torres et al. [1997], at near-UV wavelengths (330-
400 nm), the AT has the opposite sign for absorbing and non-
absorbing aerosols. Plate 1 shows a TOMS global map of the
Al from September 3, 1987. One sees the effects of smoke
from a west coast Canadian forest fire that is moving in the
southwesterly direction, biomass burning in South America
and southern Africa, and desert dust blowing both east and
west from the Saharan region of Africa (see also Herman et al.
[1997, Figure 2] where this figure is described in detail).

Hsu and Herman [1998] compared EP/TOMS Al data with
Sun photometer Aerosol Robotic Network (AERONET)
aerosol optical depth measurements [Holben et al., 1996] on
cloud-free days in 1996 and 1997. For nine sites affected by
smoke (from biomass burning in South America and southern
Africa) and African desert dust (Plate 1), they found a linear
relationship between Al and 1,:

Al=a + b1, (6)

where the slope b at 340 nm ranges from (.75 for South
American smoke (Los Fieros, Bolivia) to 1.1 for southern Af-
rican smoke (Mongu, Zambia). For summertime dust, b at 440
nm ranges from 2.6 at Barbados (13°N, 60°W) to 3.3 for the
Bidi Bahn, Burkina Faso (14°N, 2.4°W), and Banizoumbou,
Niger (13.5°N, 2.6°E), with lower values in the fall/winter/
spring seasons. The seasonal dependence is attributed to the
changes in the dust layer height. The intercept a ranges from
—0.5 to +0.1, depending on location and season of the year.
Even though the negative intercepts occur frequently, there is
not enough data to insure that the a values are statistically
different from 0. Radiative transfer calculations yield negative
Al values for nonabsorbing sulfate aerosols in the wide range
of particle sizes [Torres et al., 1997]. Therefore if the apparent
negative intercepts are confirmed by additional future mea-
surements, they can be explained by the presence of nonab-
sorbing boundary layer acrosols (haze, sulfate). It was also
shown that aerosols at low altitudes (below 2 km) tend to
produce small values of Al even for strongly absorbing aero-
sols. This is not a limitation for biomass burning smoke or
desert dust aerosols, because these aerosols are transported by
winds high enough in the troposphere (between 2 and 5 km).
For these aerosols, a ~ 0, and the slope b increases with aerosol
absorption but decreases with decreasing aerosol altitude.
Since Al is sensitive to the same aerosol parameters (7,, w),
which affect the surface UV flux (3), it is expected that the 5
and Al would have a close relationship. (Except for the com-
plication caused by the fact that some of the satellite-received
photons are scattered from above the aerosol layer and there-
fore do not see the aerosols, while all the photons reaching the
surface are affected by aerosols. Estimation of this geometric
factor requires the knowledge of aerosol layer altitude). Here
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Percent

Global map of the Nimbus 7/TOMS aerosol index (Al >1) (340/380) on September 3, 1987. Positive

Al indicates the presence of UV-absorbing aerosols. One sees smoke from a west coast Canadian forest fire
and from biomass burning in South America and Africa, and desert dust blowing both east and west from the
Saharan region of Africa. Al increases with aerosol optical depth, single-scattering coalbedo (1 — w), and
altitude (color scale). The TOMS band at 380 nm is used to measure UV reflectivity of water clouds and the

Earth’s surface (grey scale).

we estimate the relationship between 1 and Al based on radi-
ative transfer modeling assuming a single absorbing aerosol
layer between 2 and 4 km (a = 0):

n=1-exp[—k/b Al] N

Although both k and b are strong increasing functions of the
aerosol absorption (1 — w), the conversion factor (k/b) is a
weak function of aerosol absorption. Our calculations have
shown that for both dust and smoke aerosols in tropics, k/b =
0.2-0.3 (solar zenith angle between 0° and 30° for local noon
TOMS overpasses). Plate 2 shows a preliminary estimate of 7
derived from the TOMS AI map (Plate 1) based on (7) and
constant conversion factor k/b = 0.25. The map shows that
aerosol absorption can produce very large reductions in UV
flux (~50%) in certain parts of the world (with larger attenu-
ation caused by lower-altitude aerosols). These estimates are
consistent with TOMS optical depth and single-scattering al-
bedo retrievals for the same regions [Torres et al., 1997].

In the future, more accurate estimates for the conversion of
Al to n will be made, which will be based on different look-up
tables for different types of aerosols, locations, and seasons
{(note different k values in Table 1; see also Figure 8). The
dependence on solar zenith angle and satellite-viewing geom-
etry can be easily taken into account. The altitude of aerosol

cannot be directly derived from the TOMS measurements
alone. For cloud-free conditions and assuming aerosol altitude,
Torres et al. [1997] inferred Trops and wropms directly from the
TOMS radiances for given aerosol models (smoke, dust). By
requiring that 1o\ match the Sun photometer measured T,
one can estimate the altitude of the aerosol layer. The prelim-
inary comparisons of 7rgumg With Sun photometer 7 measure-
ments from Dakar have shown that the initial assumption
about the dust aerosol altitude (between 2 and 4 km) is not too
far from reality [Torres et al., 1997].

An important feature to note is that the map is limited to 7
= 0.2 (AI > 1). This is because of lack of sensitivity in the
TOMS technique to reliably detect smaller amounts of absorb-
ing aerosols. Although further work may improve the sensitiv-
ity of the estimation procedure, it is unlikely that TOMS Al
technique will be able to detect weakly absorbing aerosols near
the surface, often found in urban atmospheres [Liu et al.,
1991]. These aerosols can still be detected using single reflec-
tivity channel (380 nm or 360 nm) at any altitude given all
limitations of the LER method (see section 4.2). The LER
method can provide an estimate of the aerosol optical depth
for a weakly absorbing acrosol if the single-scattering albedo is
known.

Since the operational TOMS UV-flux algorithm does not
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Plate 2. Global map of acrosol UV-flux attenuation factor, 1 = 1 — F,./F yeor = 1 — exp{—(k/b)AlI},
estimated from the aerosol index map in Plate 1. The conversion factor, k/b = 0.25, was obtained from the
clear sky radiative transfer calculations, assuming single aerosol layer (dust or smoke) between 2 and 4 km and
solar zenith angle 30°. The map shows that aerosol absorption can produce very large reductions in UV flux

(~50%) in certain parts of the world.

correct the estimated surface UV flux for absorbing aerosols,
the errors can range from a few percent overestimation to 50%
or more depending on the amount of UV-absorbing aerosols
present at a given location. With the incorporation of the
TOMS aerosol index in the estimation procedure the maxi-
mum errors can be reduced to 10-15%, but smaller errors
would still remain, for the reasons mentioned above.

5. Conclusions

We have demonstrated that with the knowledge of extrater-
restrial solar flux and in the absence of clouds and UV-
absorbing acrosols, satellite (TOMS) measurements of total
column ozone and 360 nm (or 380 nm) radiances, combined
with radiative transfer calculations, can provide estimates of
surface spectral UV flux to accuracies comparable to that of
typical ground-based measurements. The percentage errors
range from ~4% at 305 nm, ~8% at 300 nm, and ~12% at 295
nm. These errors are caused primarily by uncertainties in sat-
ellite-measured tropospheric ozone (and other pollutions). At
larger solar zenith angles (8, > 50°), additional errors occur
due to ozone profile shape effects. Since most of these errors
are random, monthly mean flux and long-term trends can be
derived with much greater accuracies.

One of the largest sources of uncertainty in deriving the UV
flux from satellite data for cloud- and snow-/ice-free conditions
comes from UV-absorbing aerosols. The spatial and temporal
variability of these aerosols are poorly known. A newly devel-
oped technique using TOMS data allows estimation of strongly
absorbing aerosols, indicating that over parts of the Earth,

aerosols can cause 50% or more reduction in the UV flux.
However, the technique currently does not have the sensitivity
to detect the more prevalent weakly absorbing aerosols and
absorbing aerosols at low altitudes.

Since the uncertainty due to UV-absorbing aerosols is a
large remaining source of error in determining surface UV
irradiance spectra from space, a high priority for the TOMS
surface UV validation program is understanding the variability
of the aerosol (and cloud) attenuation factor (7). Both ground-
based measurements and model calculations indicate that 7 is
weakly wavelength dependent under most conditions. Under-
standing the behavior of n could therefore be achieved rela-
tively inexpensively by deploying many broadband UVA in-
struments at different sites around the world.
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